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S U M M A R Y 

In this work, we present both 1-D and 3-D shear wave velocity ( Vs ) models of the oceanic crust 
and uppermost mantle below the Deep OCean Test ARray area, located ∼ 70 km north of the 
central section of the Gloria Fault, in the eastern North-Atlantic Ocean. The velocity models 
are inferred from the dispersion of surface waves recorded on ocean bottom seismometers. 
Dispersion measurements are obtained from the analysis of ambient seismic noise at short 
periods ( < 14 s) and teleseismic surface waves at long periods ( > 14 s) using the two-station 

method. The 1-D Vs model is inferred from the joint inversion of Rayleigh wave phase 
velocities and Love wave group and phase velocities. The 3-D tomographic model is obtained 

by inversion of 2-D Love wave group velocity maps as a function of depth, further constrained 

by the average of Love wave phase velocities obtained from ambient noise (4–9 s) and the 
a verage Ra yleigh and Love wa v e phase v elocities calculated from teleseismic data (14–44 s). 

The 1-D Vs model shows a sediment layer with a low velocity of 1.05 km s −1 , similar to 

previous studies in the region. Below the sediments, we find an oceanic crust with velocities 
ranging from 3.3 to 4.5 km s −1 . The model reaches an unusually high velocity of 4.9 km s −1 

in a 20 km thick layer at depths between 16 and 36 km. We interpret this fast velocity 

layer as indicative of the presence of harzburgite, a residue of enhanced melting that might 
have been formed by the proximity between the Mid-Atlantic Ridge and the Azores mantle 
plume. At greater depths the velocity decreases, forming a low-velocity zone that reaches a 
minimum at ∼ 70 km depth, which we interpret as the maximum depth for the lithosphere–
asthenosphere boundary. The 3-D model shows a structure that is mostly horizontally layered, 
with Vs isocontours at 3.5–4.5 km s −1 highlighting oscillations of the cr ustal str ucture with 

wavelengths of ∼25–30 km. These oscillations may be due to changes in the rate of mantle 
upwelling and magma supply rate. 

Key words: Seismic noise; Seismic tomo graphy; Surface w aves and free oscillations; Crustal 
structure. 
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 I N T RO D U C T I O N  

he Gloria Fault (GF) is a major oceanic strike-slip fault that sepa-
ates the Eurasian and Nubian tectonic plates (Fig. 1 ). Locally, the
lates move past each other at a rate of ∼5 mm yr −1 (Fernandes et al.
003 , 2006 ; DeMets et al. 2010 ). The GF extends from the Azores
lateau until the Madeira Tore Rise (MTR), reaching a length of
1000 km. Oceanic crust along the GF gets older from west to east,

hanging from ∼55 to ∼110 Ma in the Eurasian Plate and from
60 to ∼120 Ma in the Nubian Plate (M üller et al. 2008 ). During

he last century, three major ( M ≥ 7.0) earthquakes occurred along
he GF, all within one decade: M s = 7.1 on 1931 May 20 and 7.1 on
C © The Author(s) 2023. Published by Oxford University Press on behalf of The R
article distributed under the terms of the Creative Commons Attribution License (
permits unrestricted reuse, distribution, and reproduction in any medium, provided
939 May 08; and M w = 8.3 on 1941 November 25. A more recent
 s = 7.9 earthquake occurred on 1975 May 26 near to the GF,

ut on a fracture zone to its south (Ud ́ıas et al. 1976 ; Buforn et al.
988 ). The focal mechanisms of these earthquakes indicate mainly
ight-lateral strike-slip, in agreement with the regional tectonics,
ith the exception of the 1939 earthquake, which shows a dom-

nantly normal solution, marking the transition to the extensional
egime of the Azores (Fig. 1 ). Due to the distance of the GF to the
ontinents and to the Azores islands, little is known about the low
o moderate magnitude seismicity and the pre v ailing processes in
he area. Still, understanding the structure and dominant processes
f this region is key for earthquake and tsunami risk assessment. 
oyal Astronomical Society. This is an Open Access 
 https://creati vecommons.org/licenses/b y/4.0/ ), which 
 the original work is properly cited. 1 
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Figure 1. Map of the GF domain: the black dashed line denotes the GF, with an approximate length of ∼1000 km between the Azores triple junction (ATJ) to 
the west and the MTR to the east. Focal mechanisms are shown for the major ( M w > 7) instrumental earthquakes. The black triangle shows the location of 
the DOCTAR used in this work. The red line indicates the location of the seismic profile from Batista et al. ( 2017 ). The bathymetry was downloaded from 

GEBCO ( www.gebco.net ). 
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The oceanic crust has been classically described as horizontally 
stratified and fairly homogeneous laterally . Vertically , the classical 
structure comprises sediments, basalt lavas and gabbros, sequen- 
tially from the surface downwards (Raitt 1963 ; Penrose Confer- 
ence participants 1972 ). Ho wever , recent studies have sho wn that 
oceanic crust can have important lateral variability indicative of its 
generation and evolution (e.g. White et al. 1992 ). The complexity 
of oceanic crustal accretion varies from place to place depending 
on genesis processes at mid-ocean ridges, which in turn depend 
on spreading rates, temperatures and compositions, among other 
(Dick et al. 2006 ; Olive 2023 ), as well as on subsequent deforma- 
tion processes, often associated with fracturing and water circu- 
lation (Grev eme yer et al. 2018 ). In particular, lateral oscillations 
of oceanic crustal thickness found in profiles perpendicular to the 
Mid-Atlantic Ridge have been interpreted as indicative of tempo- 
ral changes in mantle upwelling and flow (e.g. Pariso et al. 1995 ; 
Tucholke et al. 1997 ; Bonatti et al. 2003 ; Shine v ar et al. 2019 ; 
Vaddineni et al. 2021 ). 

Recent oceanic geophysical surv e ys hav e shed light into the pre- 
viousl y poorl y known region of the GF. Batista et al. ( 2017 ) carried 
out a seismic refraction and reflection study on the western segment 
of the GF (Fig. 1 ). Their results showed an oceanic crust with a 
thickness of ∼8.5 km. In addition, the authors found a 4 km thick 
complex layer of partially serpentinized mantle peridotite intruded 
by gabbros, representing a transition zone between the crust and 
the upper mantle. Hannemann et al. ( 2017 ) used ocean bottom 
seismometers (OBS) deployed within the scope of the Deep OCean 
Test ARray (DOCTAR, Fig. 1 ) to study the seismic structure at a 
location a bit further to the east than that studied by Batista et al. 
( 2017 ). Using receiver functions, they imaged the Moho bound- 
ary at a shallow er depth, betw een 5 and 8 km. In addition, they 
observed the lithosphere–asthenosphere boundary (LAB) at ∼70–
80 km depth. From the analysis of P -wave polarization, Hannemann 
et al. ( 2016 ) inferred an increase in the thickness of the oceanic 
crust from ∼5 to ∼8 km towards the GF. They further observed 
a decrease in mantle Vs from ∼5.5 to ∼4.5 km s −1 at depths be- 
tween 4 and 10 km, also towards the GF. They concluded that both 
the decrease in shear wave velocity and the increase in thickening 
towards the fault were related to deformation associated with the 
fault. Kr üger et al. ( 2020 ) used three seismological arrays, located 
on the Madeira Island, mainland Portugal and the OBS DOCTAR, 
to detect 355 earthquakes in the eastern Mid-Atlantic with local 
magnitudes between −0.5 and 5.2 over a 10-month period, showing 
very high Vso ∼ 4.8 km s −1 for the uppermost mantle. 

In this study, we further characterize the oceanic crust north 
of the GF by developing both a 1-D average vertical model and 
a full 3-D tomographic model that images both lateral and verti- 
cal structural variations in S -wav e v elocity ( Vs ). In Section 2, we 
briefly describe the DOCTAR OBS experiment, the data used and 
its pre-processing. In Section 3 , we explain how we inferred empir- 
ical Green’s functions (EGFs) from the analysis of ambient noise 
(Shapiro & Campillo 2004 ) and from teleseismic events using the 
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wo-station method (Sato 1955 ; Soomro et al. 2016 ). The disper-
ion of surface waves is then measured from the EGFs. In Section 4 ,
e invert the dispersion curves of surface waves in order to obtain
oth 1-D and 3-D Vs models of the shallow structure of the region.
e obtain the 1-D velocity model by inverting the average of the
ov e wav e group and phase velocities and the Rayleigh wave phase
elocities. The 3-D Vs model is computed by inverting 2-D Love
ave group velocity maps, complemented with the average of the
ayleigh and Love wave phase velocities. In Section 5, we discuss
ur results considering the current knowledge on the composition,
tructure and dynamics of the oceanic crust and uppermost mantle.
iven the well-established interdependence between magma sup-
ly rates, crustal thickness, mantle potential temperatures, spreading
ates and Vs (e.g. Dalton et al. 2014 ; Zhou et al. 2020 ), our study
heds light on the evolution of the mid-Atlantic ridge on the vicinity
f the Azores between 75 and 85 Ma, emphasizing the consequences
f the interplay between a plume and a slow-spreading ridge. 

 DATA  P R E - P RO C E S S I N G  

he DOCTAR OBS instruments were deployed ∼70 km north of
he central section of the GF in the eastern North Atlantic Ocean,
or a time interval of approximately 11 months between 2011 June
nd 2012 April (Hannemann et al. 2013 ). The deployment encom-
assed 12 broad-band OBSs with a maximum interstation distance
f ∼73 km and average spacing between 10 and 20 km. Each
BS was equipped with a broad-band seismometer (Guralp CMG-
0T, with a corner period of 60 s) and a hydrophone (HighTechInn
TI-04-PCA/ULF). The sampling rates of the seismometers and

ydrophones were set to 100 Hz. The seismometer at station D05
as not used for this study because two of its components were

ammed (vertical and one horizontal). Ho wever , its hydrophone was
sed, even though it failed a month before recover y. Fur ther more,
espite some technical problems and after careful inspection, the
ydrophone of station D03 was only used for the noise analysis,
ut not for the analysis of the teleseismic events. The time correc-
ion and orientation of the horizontal components were pre viousl y
erformed for the DOCTAR data set by Hannemann et al. ( 2013 ).
n our pre-processing of the data, we started by demeaning, de-
rending and deconvolving the instrumental response. Next, daily
treams of data of the entire array were synchronized to the same
tarting and ending times. The recordings were then downsampled
o 10 Hz to reduce computation time. Finally, we bandpass filtered
he hydrophone and seismic data. For ambient noise analysis, we
ltered the data between 0.25 and 25 s. For the analysis of tele-
eismic events, we used a longer period passband of 5–60 s. This
re-processing was applied to all four channels of the OBSs: vertical
Z), north–south (N), east–west (E) and hydrophone (H). 

 D I S P E R S I O N  M E A S U R E M E N T S  

e measured the dispersion of surface waves recorded at DOCTAR
ensors using both ambient seismic noise and teleseismic events.
or the seismic ambient noise analysis, we computed EGFs by phase
ross-correlation (PCC) of daily OBS streams followed by a time–
requency phase weighted stack (tf-PWS), as described in Schimmel
t al. ( 2011 ). PCC is amplitude-unbiased and therefore requires no
re-processing, unlike the classical correlation method that requires
ormalization in the time-domain and spectral whitening (Bensen
t al. 2007 ). We applied this methodology to data recorded on the
hree components of the seismometer (E, N, Z) as well as on the
ydrophone (H). We then rotated NN and EE interstation cross-
orrelations to obtain the radial (RR) and transverse (TT) compo-
ents. The acausal and causal sides of the daily cross-correlograms
ere truncated, reversed and stacked in order to improve the signal-

o-noise ratio (SNR) and obtain the final EGFs, representative of
he entire time interval of the deployment. Figs 2 (b) and (c) show
he results of the noise cross-correlation functions (NCF) of am-
ient noise as a function of distance for the hydrophone and the
ransv erse components, respectiv ely . Theoretically , we would ex-
ect the hydrophone to be dominated by the Rayleigh wave fun-
amental mode and the transverse component to be dominated by
he Lov e wav e fundamental mode. In oceanic environments, short-
eriod Ra yleigh wa ves are mostl y sensiti ve to the water layer (e.g.
armon et al. 2007 ; Yao et al. 2011 ; Carvalho et al 2022 ; Zhang

t al. 2022 ). The NCF of the hydrophone shows a clear moveout
ime corresponding to a velocity of ∼1.3 km s −1 , which reflects the
nfluence of the water on Rayleigh–Scholte waves at very short pe-
iods. The NCF of the transverse component shows a moveout time
orresponding to a velocity of ∼3.3 km s −1 , related to the propa-
ation of Lov e wav es. Lov e wav es are not influenced b y the w ater
ayer as they only contain SH -wave energy, which only propagates
n solids. 

From the EGFs, we measured group velocity as a function of
eriod using a multiple-filter technique (MFT, Dziewonski et al.
969 ; Herrmann & Ammon 2002 ). Fig. 2 (d) shows the result for
tation pair D09–D11, transverse component, which is dominated
y the Love wave fundamental mode. The phase velocity dispersion
as measured using the automated frequency–time analysis method
f Levshin & Ritzwoller ( 2001 ). 

We complemented the previous measurements with a classi-
al two-station analysis, which uses the signal from distant high-
agnitude earthquakes. This method was first introduced by Sato

 1955 ) and decades later improved by Meier et al. ( 2004 ) and auto-
ated by Soomro et al. ( 2016 ). This methodology has been applied
ith success in several regional (e.g. Foster et al. 2013 ) and lo-

al studies (e.g. Bonadio et al. 2018 ; Carvalho et al. 2019 ). The
wo-station method reduces the influence of source parameter un-
ertainties and reduces the problem of the 2 π ambiguity in phase
elocity measurements due to the relati vel y small distances between
tations (Soomro et al. 2016 ). For each pair of stations, the tele-
eismic records were cross-correlated, thus generating EGFs, from
hich the phase velocity could be measured. We initially selected
26 earthquakes with M w ≥ 6.0 for the anal ysis. After appl ying the
ross-correlation, we could reliably measure phase-velocity disper-
ion curves for 32 teleseismic events in the hydrophone channel
nd 23 events in the vertical seismic component (Fig. 3 a). Because
he hydrophone channel displayed a higher SNR, we retained its
esults for further analysis. It was not possible to select any path
hat involved station D03, as this station’s hydrophone did not work
roperly. For the transverse component, we could only reliably ex-
ract phase velocities for eight e vents, gi ven the low SNR of the
orizontal components. Figs 3 (b) and (c) show all the measured
hase velocity dispersion curves as a function of period, consider-
ng all earthquakes and all paths, together with the average phase
elocity for the hydrophone and the transverse components of the
eismometer. 

Fig. 4 shows all the group and phase velocity dispersion curves
uccessfully extracted from DOCTAR data. Ambient noise analysis
ields measurements at short periods ( < 14 s), whereas the two-
tation method yields measurements at longer periods ( > 14 s).
ov e wav e dispersion was measured from the analysis of transverse
eismic data as usual, whereas Rayleigh wave phase velocities were
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taken from hydrophone observations, which showed a higher SNR 

than the vertical and radial seismic components. As mentioned be- 
fore, at short periods ( < 14 s) Ra yleigh wa ves are strongly affected 
by the water layer and show a reduced sensitivity to the crustal struc- 
ture. Therefore, in this period range we used only Lov e wav e disper- 
sion curves for the subsequent analysis. At longer periods ( > 14 s), 
we used both the Rayleigh and Love phase velocity measurements 
inferred from the two-station method. How ever, w e a voided us- 
ing the Rayleigh wave phase measurements from the two-station 
method for periods between 10 and 14 s, because in this interval the 
dispersion curves show a sharp increase related to the depth of the 
w ater layer. When onl y a fe w paths could be successfull y retrie ved, 
we used the average of the curves as representative of the general 
regional structure. 

4  S H E A R  WAV E  V E L O C I T Y  

E S T I M AT I O N  M E T H O D S  

4.1 Vertical (1-D) surface w av e inv ersion 

The estimation of a 1-D shear wav e v elocity model for the region is 
an important first step. In addition to the averaged information that 
it provides on the local Ear th str ucture, the resulting model can be 
later used as an a priori reference model for the 3-D tomography. We 
used SURF96 (Herrmann 2013 ) to infer a 1-D shear wave velocity 
structure from the observed dispersion measurements by linearized 
least-squares inversion. At short periods, we used the average of 
the Love wave group velocities (3–9 s) and the average of the Love 
wav e phase v elocities (4–9 s), both inferred from ambient noise 
analysis. At longer periods, we used Love wave phase velocities 
(14–42 s) and Ra yleigh wa v e phase v elocities (15–44 s) inferred 
from teleseismic surface waves with the two-station method (see 
Fig. S1, Suppor ting Infor mation and Table 1 ). The input surface 
wav e v elocity uncertainties were estimated as the standard error of 
the observations for each period. 

We tested several simple starting models for the linearized inver- 
sion. They consisted of a half-space model, covered by a sediment 
and a water layers. In the study region, the water layer thickness 
varies from −4420 to −5283 m between stations. In the work pre- 
sented here, we made the simplifying approximation that the water 
layer was 5 km, thus not accounting for lateral variations. We also 
assumed that the sediment layer had a thickness of 600 m, following 
the local conditions inferred by Hannemann et al. ( 2016 ). Below the 
sediments, we used 10 layers of 1 km thickness, followed by layers of 
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 km thickness until the model’s maximum depth of 200 km. These
a yer thicknesses w ere fixed during the inversion. We tested starting
odels with a water velocity of Vp = 1.5 km s −1 and Vs = 0 km s −1 ,
 sedimentary layer varying between Vp = 2.23–3.27 km s −1 and
s = 0.75–1.65 km s −1 , and a half-space velocity varying between
p = 6.32–8.2 km s −1 and Vs = 3.65–4.55 km s −1 (Fig. S2, Support-

ng Information). The range of velocities for the sediments was set
onsidering the significant variability observed from consolidated
 Vs = 1.65 km s −1 ) to unconsolidated sediments ( Vs = 0.75 km s −1 ,
hillington et al. 2008 ; Zimmer et al. 2002 ). Additionally, we
lso considered local models for the study area, which show that
he S -wave velocities of sediments range from 1 to 1.9 km s −1 

Batista et al. 2017 ) and from 0.7 to 1.4 km s −1 (Hannemann et al.
016 ). 

In the first 2 iterations of the inversion, we set the damping to
 high value of 10 to avoid overshooting in the first model es-
imation. After the second iteration, the damping was decreased
o 1 for the rest of the 20 iterations. Fig. S2 (Supporting Infor-
ation) shows that regardless of the starting model the final Vs
odels are very stable over all depths, except when the veloci-

ies are very low in the initial model. Thus, we decided to use for
ur starting model Vs = 1.3 km s −1 for the sediments, in agree-
ent with the local models pre viousl y obtained by Batista et al.

 2017 ) and Hannemann et al. ( 2016 ), and Vs = 4.0 km s −1 for the
alf-space. 
To quantify the depth sensitivity of group and phase velocities of
ove and Rayleigh waves, we calculated the respective sensitivity
ernels using our final Vs model (see Fig. S3, Supporting Informa-
ion). Dif ferent w ave periods are sensitive to different depths, with
he longer periods observed in our study ( T ∼ 40 s) allowing to
ample the structure until a depth of 80 km. The sensitivity ker-
els confirm a reduced sensitivity of Rayleigh waves to the crustal
tructure due to the water layer. 

.2 3-D surface w av e tomograph y 

he 3-D surface w ave tomo graphy is done in two steps. In the
rst step, we performed a 2-D inversion to obtain, for each period,

aterall y v arying Love w ave group velocity maps. In the second
tep, we inverted the 2-D Love wave group velocity maps, further
onstrained by the av erage Lov e and Rayleigh wave phase velocities
or the region, to obtain a 3-D S -wave velocity model. 

In order to obtain 2-D group velocity maps for the various ob-
ervation periods, we used the fast marching surface tomography
FMST) method of Rawlinson ( 2005 ). This method provides stable
nd robust solutions in complex laterally heterogeneous media. For
he inversion of the 2-D velocity maps, we used only the group
 elocity of Lov e wav es, because of the reduced number of paths
bserved in the phase velocity of Love waves. 
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Tab le 1. Tab le of data used for the 1-D shear v elocity inv ersion. 

Method Wave Period (s) 

Ambient noise Lov e wav e group v elocity 3–9 
Ambient noise Lov e wav e phase v elocity 4–9 
Two station Lov e wav e phase v elocity 14–42 
Two station Ra yleigh wa v e phase v elocity 15–44 
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To quickly estimate the lateral resolution of the Love wave group 
velocity maps, we tested 2-D checkerboards parametrized using 
block sizes of 0.2 ◦ × 0.2 ◦ and 0.26 ◦ × 0.26 ◦ for periods of 4, 6 
and 7 s. For each period, the starting velocity corresponds to the 
av erage v elocity of the various observations. Fig. S4 (Supporting 
Information) shows the recovery of the checkerboard with a per- 
turbation of ± 0.8 per cent and picking errors of 0.1 s. Cells of 
0.2 ◦ × 0.2 ◦ show a much better recovery of the synthetic anoma- 
lies. The checkerboard tests show that we can recover features with 
a scale of approximately 23 km. 

We tested different values of the smoothing ( η) and damping ( ε) 
regularization parameters used to stabilize the inversion (Rawlinson 
et al. 2006 ) (see Text S1, Supporting Information). The analysis of 
the L-shaped trade-off curves (Fig. S5, Supporting Information) 
revealed that a smoothing η = 20 and damping ε = 10 are the best 
compromises for the inversion. 

Lov e wav e group v elocity data from 4 to 8.5 s were inverted 
using the pre viousl y defined smoothing and damping parame- 
ters. This period band was chosen based on the number of in- 
terstation paths. Fig. S6 (Suppor ting Infor mation) shows the 2- 
D Lov e wav e group v elocity maps together with the bathymetry 
contour. 

To build the final 3-D shear wav e v elocity model, we inv erted the 
Lov e wav e group v elocities for each point of the grid of 0.2 ◦ × 0.2 ◦. 
At each node, we complemented the laterally varying Love wave 
group velocity maps with the average of Love wave phase velocities 
between 4 and 9 s measured from seismic ambient noise and the 
average of teleseismic surface wav e Lov e wav e and Rayleigh wave 
phase velocities between 14 and 42 s and 15 and 44 s, respecti vel y, 
measured from the two-station method (Table 1 ). 

The horizontal resolution of the 3-D shear wave velocity model 
is similar to the one inferred from the checkerboards tests of the 
2-D group and phase velocity maps. The vertical resolution of 3-D 

shear wav e v elocity models obtained from surface wave tomography 
depends on the period range considered. These periods limit the 
maximum depth that we can interpret. We use the sensitivity kernels 
to infer the depth sensitivity and examine the resolution matrix per 
grid node obtained from the surface wave inversion. The sensitivity 
kernels show that we can safely interpret our model until a depth 
of 10 km. In addition, the resolution matrix indicates that the best 
resolution is attained between 2 and 6 km depth (Fig. S7, Supporting 
Information). 

5  R E S U LT S  

Our final 1-D shear wave velocity model is shown in Fig. 5 , as 
well as the fit between measurements and model predictions. The 
root mean square obtained for the 1-D inversion is 0.0062 km s −1 

for the last iteration, indicating a good data fit. Note that no radial 
anisotropy was necessary to simultaneously fit Love and Rayleigh 
waves dispersion curves. 

The final 1-D model shows the fixed water layer of 5 km, below 

which we find a sediment layer with a Vs = 1.05 km s −1 , lower than 
the initial model. The sediments are followed by a rapid increase to 
crustal velocities, which rise from 3.4 km s −1 at 5.6 km to 4.9 km s −1 

at 15.6 km depth. Between 16 and 36 km, below the crust, we ob- 
serve a fast velocity zone of ∼4.9 km s −1 and ∼20 km thickness. 
This fast velocity zone is followed by a decrease in S -wave veloc- 
ities, reaching a minimum of 4.6 km s −1 at approximately 70 km 

depth. 
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The 3-D tomographic model of the region is shown in Fig. 6 ,
n Vs horizontal slices at different depths ranging from 2 to 10 km
elow the seafloor. Velocity anomalies are shown in percentage with
espect to the average shear wave velocity at each depth, which is
hown at the top-right of each depth plot. At a depth of 2 km, a
ast-velocity anomaly that is ∼5 per cent faster than the average
elocity is observed to the northwest of the array and a low-velocity
nomaly of ∼ 3 per cent is seen in its central region. The strongest
ow-velocity anomaly starts to appear at 4 km depth to the southwest.
 weaker low-velocity anomaly is found to the northwest, which

s best observed at 5 km depth. These two low-velocity anomalies,
ith amplitudes of ∼5 per cent and ∼4 per cent with respect to

he average velocities, extend down to 9 km depth. In addition, fast-
elocity features become visible at 4 km depth below the ocean floor
o the north, south, centre and east of the array, located below small

ountains. These fast-velocity anomalies are on average ∼3.5 per
ent faster than the average velocity at this depth, and extend to a
epth of 8 km, with the fast-velocity anomaly in the centre of the
rray extending down to a depth of 10 km. At 9 and 10 km depth,
he velocity anomalies start to become smeared as resolution starts
o decrease. 

The lateral anomalies are better understood in vertical cross-
ections through the 3-D model. Fig. 7 presents several vertical
rofiles that extend from 1 to 15 km depth, together with the
orresponding seafloor bathymetry (note the vertical exaggeration).
hereas Fig. 6 showed relative anomalies, Fig. 7 shows absolute

 -wav e v elocities. To better characterize the changes in v elocity,
e plotted isocontours each 0.5 km s −1 . For reference, we plot a
oho boundary at 7 km depth as a grey dashed line, after Crust

.0 (Laske et al. 2013 ). In addition, we also mark with crosses the
oho depths below each OBS inferred by Hannemann et al. ( 2016 )
sing receiver functions. Two profiles, P3–D07 and D09–D11, are
erpendicular to the GF; profiles P1–P1´, D10–D12 and P2–P2´
re parallel to the GF; and the last profile, D08–D06, is oblique and
riented southwest-northeast. Although for visualization purposes
e plotted the profiles until 15 km, we should keep in mind that the

ateral resolution is only good until 10 km depth. The dominant im-
ge re vealed b y the tomo graphic cross-sections is that of a layered
tructure with lateral oscillations, whose amplitudes decrease with
epth. 

In detail, at shallow depths we observe in all profiles a strong
ariation of the 3.5 km s −1 velocity isocontour (Fig. 7 ). Between
tations D09 and D01 (profile D09–D11), we observe the shallowest
.5 km s −1 isocontour of the entire study area, consistent with the
resence of a fast-velocity anomaly between 4 and 8 km (Fig. 6 ).
he deepest 3.5 km s −1 isocontour is observed between stations D08
nd D03 (profile D08–D06) and is related to a strong low-velocity
nomaly observed in the Vs maps. Profiles P3–D07 and D10–D12
how a more homo geneous S -w av e v elocity structure. The v elocity
socontour of 4 km s −1 shows a maximum depth of 7.5 km to the
orthw est and southw est of the study area, which is clearly observed
n profiles D08–D06, P1–P1´ and P2–P2´. A minimum depth of

6 km for this isocontour is found to the south and centre of the
OCTAR area. 

 D I S C U S S I O N  

.1 Local vertical structure (1-D model) 

n order to better interpret our results, we plotted our final 1-D
odel together with those of previous studies for the same study

egion (Hannemann et al. 2016 ; Batista et al. 2017 ), a more general
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model of the oceanic crust after White et al. ( 1992 ), and one deeper 
model of oceanic lithosphere of similar age (70 Ma Pacific Ocean) 
by Lin et al. ( 2016 , Fig. S8, Supporting Information). 

Our 1-D model shows a sediment layer with a velocity of 
Vs = 1.05 km s −1 , a value that is low but within the ranges in- 
ferred by previous studies in the region (Hannemann et al. 2016 ; 
Baptista et al. 2017 ). We interpret this low value as indicating 
the presence of clay sediment pockets associated with the rough 
bathymetry (NOAA World Data Service for Geophysics, Marine 
Seismic Reflection, Surv e y ID V2707, ngdc.noaa.gov). 

Surface waves are not sensitive to discontinuities; therefore, we 
cannot infer the exact depth of the Moho. Ho wever , we can estimate 
the crustal thickness assuming a value for the velocity at the top of 
the mantle. If we consider reference models, such as the Oceanic 
Parametric Earth Model or Crust1.0 (Dziewonski et al. 1975 ; Laske 
et al. 2013 ), the upper-mantle shear wav e v elocity below the Moho 
should be 4.5 km s −1 . In this case, we would find our total crustal 
thickness to be 9 km. Ho wever , if instead we use a topmost mantle of 
Vs = 3.9 km s −1 , as found by Batista et al. ( 2017 ) for the base of layer
4 (L4), then we infer a crustal thickness of 6 km. Our model thus 
loosely constrains the crustal thickness to be in the range between 6 
and 9 km, that is, tendentially thicker than the usually reported for 
the slow-spreading Atlantic ridge at various latitudes, away from the 
influence of hotspots (e.g. Wang et al. 2011 ; Vaddineni et al. 2021 ; 
Wang & Singh 2022 ). In spite of suggestions that the proximity to 
a major oceanic transform fault will cause mantle serpentinization 
(White et al. 1992 ), we find no clear indication of serpentinization, 
as would be indicated by lower Vs and higher Poisson´s ratio (e.g. 
Kamiya & K oba yashi 2000 ). 

The 1-D vertical profile depicts a near-constant velocity layer be- 
tween 16 and 35 km depth that shows a very high Vs ≈ 4.9 km s −1 , 
namely in comparison to the model of oceanic lithosphere of Lin 
et al. ( 2016 , Fig. S8, Suppor ting Infor mation). At these upper most 
mantle depths, the dominant peridotite rocks have lherzolite compo- 
sitions that are characterized by the presence of olivine, orthopyrox- 
ene, clinop yrox ene and plagioclase (e.g. Wang et al. 2013 ). The low 

Vs that characterizes plagioclase (3.54 km s −1 ) and clinop yrox ene 
(4.66 km s −1 , Wang et al. 2013 ) suggests that the dominant miner- 
als in our study region at those depths are olivine (4.82 km s −1 ) and 
orthop yrox ene (4.86 km s −1 ), forming harzburgites. 

In oceanic settings, harzburgites and dunites are found in sub- 
duction zones or island arc collisions, but also in mid-ocean ridges 
(Kelemen et al. 1995 ; Rospab é et al. 2021 ). Phase equilibrium 

modelling, for mantle anhydrous peridotite melting that generates 
Mid-Ocean Ridge Basalt (MORB), was recently performed by Gar- 
diner et al. ( 2019 ) using the most updated thermodynamic internally 
consistent data set and activity-composition solution models. Their 
study supports the long-standing results of experimental petrology 
(e.g. Barker & Stolper 1994 ) on the role of clinop yrox ene con- 
suming reactions during melting, leading to the exhaustion of this 
mineral on the melting residue, for melt fraction around 15 per cent 
volume. Thus, partial melting of a lherzolite can originate a resid- 
ual harzburgite if the extent of partial melting is substantial ( ≥ 15 
per cent). The spreading at the Mid-Atlantic Ridge is slow when 
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ompared with the Pacific (e.g. M üller et al. 2008 ), which would
mpl y relati vel y low percentage of partial melting during the gen-
ration of MORB (e.g. White et. al. 2001 ). Indeed, according to
hese authors the fraction of melting decreases significantly with
he decreasing of spreading rate, with values of < 15 per cent vol.
ound for ridges with rates of spreading ≤ 20 mm yr −1 . Ho wever ,
he amount of melting at a ridge is also influenced by the presence
f mantle anomalies such as hotspots, as was initially proposed by
ick et al. ( 1984 ) and Niu & H ékinian ( 1997 ). Both geochemical

e.g. Madureira et al. 2005 ; Beier et al. 2010 ) and seismic tomo-
raphic (e.g. Silveira et al. 2006 ; Yang et al. 2006 ; Beier et al.
022 ) studies have associated the Azores Plateau and islands with
he presence of a mantle plume, which also explains the estimated
zores mantle potential temperature, some 120 ◦C in excess of
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those that typically characterize the generation of normal MORB 

(N-MORB, Putirka 2008 ). Geochemical and bathymetric gradients 
along the ridge near the Azores Plateau have been considered as 
evidence of plume–ridge interaction (e.g. Dosso et al. 1999 ; Mor- 
eira & All ègre 2002 ; Dalton et al. 2014 ; Madureira et al. 2014 ). 
This implies the influence of plume heat and mass on the genesis of 
MORB in the area. Consequently, the generation of MORB along 
ridge segments in the vicinity of the Azores Plateau happened at 
potential temperatures clearly above those typical of N-MORB (see 
Dalton et al. 2014 ). 

The present location of the Azores hotspot is usually placed 
under the Azores Plateau, close to the central group of islands as 
depicted by studies of tomography (Yang et al. 2006 ) and noble 
gases (Moreira et al. 2018 ). The generation of the plateau started 
at about 20 Ma (Gente et al. 2003 ; Lu ́ıs & Miranda 2008 ), that is, 
in times significantly more recent than the formation of the ocean 
crust of the DOCTAR area ( ≈80 Ma according to M üller et al. 
2008 ). Ho wever , we emphasize that the Azores plume should have 
impinged the lithosphere by 85 Ma (e.g. Gente et al. 2003 ; Ribeiro 
et al. 2017 ) and that the hotspot–ridge interaction may have been 
active since then (Gente et al. 2003 ). In this scenario, the fraction 
of melt would have been clearly higher than 15 per cent, according 
to the pseudo-section calculated by Gardiner et al. ( 2019 ), resulting 
in a harzburgite (olivine + orthop yrox ene) residue. 

Thus, we propose that the high Vs detected in the study region 
reflects the presence of harzburgite, a refractory residue of enhanced 
melting due to the proximity between the Azores mantle plume 
in its earlier stages and the Mid-Atlantic Ridge. The hypothetical 
presence of dunitic veins, usually interpreted by melt/harzburgite 
reaction (e.g. Kelemen et al. 1995 ), would not significantly alter 
the shear wave velocities and our interpretation. In their study of 
local seismicity, Kr üger et al. ( 2020 ) found shallow hypocenter 
earthquakes in the GF domain extending down to 30 km depth, 
which is approximately the depth at which Vs starts to decrease 
below the inferred harzburgite high-velocity layer. Thus, earthquake 
generation seems to be confined to the topmost, faster materials 
above 30 km depth. 

Using receiver functions, Hannemann et al. ( 2017 ) imaged the 
LAB below the DOCTAR area at ∼70–80 km depth. Because sur- 
face waves are not sensitive to the exact location of interfaces, 
the inference of the LAB from models based on these data is not 
straightforw ard. Pre vious studies have taken as a proxy for the depth 
of the LAB the minimum Vs or the Vs maximum ne gativ e gradi- 
ent (steepest decrease in Vs ), among others (Burgos et al. 2014 ; 
Rychert et al. 2020 ). In our model, the minimum Vs is imaged at a 
depth of ∼70 km. The steepest decrease in Vs occurs above 70 km. 
Ho wever , given the presence of the fast-velocity layer at 16–36 km 

and the smoothness of the model below this layer, the maximum 

g radient is obser v ed at the bottom of the fast v elocity layer with 
a gradual decrease downwards. Thus, we cannot estimate the LAB 

depth from the maximum gradient criterion; we can only conclude 
that the LAB is located at a maximum depth of 70 km, consistent 
with the results of Hannemann et al. ( 2017 ). 

The oceanic LAB is usually considered to reflect the half-space 
cooling of the lithosphere (e.g. Niu & Humphrys 2009 ). If we 
consider that in the study area, the mean age of ocean crust is 
about 80 Ma (M üller et al. 2008 ) and the age versus thickness 
equation used by Niu & Humphrys ( 2009 ), the LAB should occur 
at ≈ 90 km depth. The LAB can be thought of as a rheological 
contrast between the outermost cold rocks not readily deformed over 
geologic time (lithosphere and rigid behaviour) and the underlying 
deformable asthenosphere (ductile behaviour at mantle potential 
temperature conditions). Therefore, the LAB can generally be taken 
as corresponding to an isotherm (e.g. Turcotte & Schubert 2014 ). 

The significant difference between the LAB depth estimated from 

our Vs 1-D model and the predictive depth from the half-space 
cooling model suggests that in our study region the LAB depth 
does not result from the usual cooling trend of oceanic lithosphere. 
The shallower than expected LAB depth suggests that the interaction 
between the mid-ocean ridge and the Azores plume is still reflected 
today in the lithospheric structure of the DOCTAR area. 

In alternative or concurrently, we should also keep in mind that 
the dextral-transcurrent motion of the GF generates heat flow due 
to friction between the Nubia and the Eurasian plates. Higher heat 
flow can be found up to 60 km away from the fault in the vicinity of 
the San Andreas Fault, California, which is also a transform fault 
(Scholz 2002 ). The closest DOCTAR station to the GF (D09) is 
located at a distance of ∼40 km from the fault. Thus, the additional 
frictional heat from the GF could cause the LAB to be shallower 
than expected in our study region. 

6.2 Tomogra phic laterall y v arying structur e (3-D model) 

The 3-D tomographic model shown in Figs 6 and 7 reveals a lay- 
ered seismic structure from 2 km to the deepest inverted depth, 
recognizing a relatively homogeneous crust and uppermost mantle. 
The strongest high- and low-velocity anomalies, with amplitudes 
of about ± 5 per cent, are more prominent between 4 and 8 km. 
In almost all cross sections (Fig. 7 ), we image oscillations of the 
cr ustal str ucture, w hich are clearly visib le in the isocontours. The 
amplitudes of these oscillations are in the order of 1 km in the 
4 km s −1 isocontour and 0.5 km for the 4.5 km s −1 isocontour. 

An important question is whether these oscillations are well re- 
solved. An approximation that we made in our modelling concerned 
the water layer thickness, which is variable across the array but 
w hich we appro ximated as a lay er with a constant thickness of 5 km. 
Ocean floor relief changes across the DOCTAR array are smooth 
in comparison with topo graphic dif ferences between abyssal plains 
and continental shelves. In a previous study, Ko¨hler et al. ( 2012 ) 
demonstrated that the effect of the topography on phase velocity 
dispersion measurements is only relevant for periods ≤ 5 s when 
strong topography changes are considered, further adding that the 
maximum effect for any mountain range on Earth does not exceed 
∼ 0.7 per cent globally. 

A visual inspection of bathymetric profiles along selected cross- 
sections through our 3-D model does not show an obvious rela- 
tionship between seafloor bathymetry and the imaged oscillations 
of the crustal structure (Fig. 7 ). In addition, the oscillations show 

a wavelength of about 25–30 km and therefore lay within the res- 
olution of our model. Crustal structure oscillations are also seen 
in the pre vious nearb y studies of Batista et al. ( 2017 ) and Hanne- 
mann et al. ( 2016 ). The oscillations are more evident in the W-E 

profile of Hannemann et al. ( 2016 ) and in layer L3 in the model of 
Batista et al. ( 2017 ). The oscillations therefore appear to be robust, 
although their short-scale characteristics cannot be resolved by our 
3-D model. 

Given the correlation usually accepted between magma supply 
rate at ridges and ocean crustal thickness (e.g. Zhou et al. 2020 ; 
Liu et al. 2022 ), we interpret the crustal oscillations as reflecting 
a non-steady-state behaviour of magmatic processes at the slow- 
spreading Mid-Atlantic Ridge. Previous studies have shown os- 
cillations of crustal thickness in profiles perpendicular to the Mid- 
Atlantic Ridge (e.g. Pariso et al. 1995 ; Tucholke et al. 1997 ; Bonatti 
et al. 2003 ; Shine v ar et al. 2019 ). The DOCTAR area is located in 
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ceanic crust with ages between 75 and 85 Ma, with an age dif-
erence of 10 Ma from station D10 to D12. In our 3-D model, we
mage crustal oscillations with wavelengths of ∼25–30 km, which
s in good agreement with the v alues pre viousl y reported for this
low-spreading ridge, whose evolution seems to be controlled by
unctuated magma pulses. 

 C O N C LU S I O N S  

e computed both a vertical 1-D and a full 3-D shear wave velocity
odel for the DOCTAR area (eastern mid-Atlantic Ocean; ∼70 km

orth of the GF). Both models were obtained from the analysis
f surface waves recorded on OBS, using ambient seismic noise
nd teleseismic surface aves. The 1-D model shows an oceanic
rust with a low-velocity sediment layer of 1.05 km s −1 , associated
ith clay sediments. Below the sediments, we find an oceanic crust
ith velocities ranging from 3.3 to 4.5 km s −1 . In addition, we find a
0 km layer below the crust, between 16 and 36 km depth, with very
ast velocities of ∼4.9 km s −1 , which we attribute to the presence
f harzburgite, a refractory residue of enhanced melting generated
y the proximity between the Mid-Atlantic Ridge and the Azores
antle plume. The velocity decreases below this fast layer, reaching
 minimum of 4.6 km s −1 at ∼70 km depth, which we interpret as the
AB. This depth inferred for the LAB is in good agreement with that

eported by Hannemann et al. ( 2017 ) for the same re gion. Howev er,
he inferred LAB depth is shallower than would be expected from
 simple cooling model of oceanic lithosphere for the age of our
tudy region (90 km). Our shallow LAB suggests the presence of an
dditional heat source, which we hypothesize that can be the nearby
zores plume and/or the friction heat generated by the nearby GF. 
Our 3-D Vs model images a dominantly layered structure, with

ateral crustal oscillations with wavelengths of ∼25–30 km. Hanne-
ann et al. ( 2016 ) also observed such oscillations in the 2-D model,

specially in their W-E profile. These oscillations may be related
o changes in the rates of mantle upwelling during the formation
f the crust. In addition, the dextral-transcurrent motion of the GF
a y ha ve additionally defor med the lithosphere, as obser ved in the

hearing of the topography. 
Our 1-D vertical and the 3-D tomographic models for the crust

nd uppermost mantle contribute to constraining the structure and
rocesses at the slow-spreading Atlantic, in this particular area char-
cterized by plume–ridge interaction and close to a major oceanic
trike-slip fault. 
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Figure S1. Example of Rayleigh wave phase velocity measure-
ent for the station D01H–D06H with an interstation distance

f 27.42 km. (a) Waveform of the same teleseismic earthquake
ecorded at stations D01 and D06. (b) Cross-correlations between
he waveforms recorded at the two stations and their respective
ime–frequency representation. (c) 2 π ambiguous measured phase
 elocity dispersion curv e (blue lines) plotted together with the ref-
rence model (thick grey dashed line) and the normalized amplitude
pectrum of the cross-correlation function (black dashed line). (d)
elected phase velocity dispersion curves for these two pair of sta-

ions (red curve). 
Figure S2. (a) Shear wav e v elocity models were obtained us-

ng different starting models. For the different starting models,
he velocity of the sediments and the half-space were varied
y ± 0.5 km s −1 . (b) The final shear velocity models are very stable
ver all the depths where each colour represents a different initial
odel. The strong red on the right edge is the chosen initial veloc-

ty model and has a half-space velocity of 4 km s −1 . (c) Fit to the
ispersion data of each tested model (green) and the selected initial
odel (red). 
Figure S3. Sensitivity kernels computed as group and phase

elocity deri v ati ves with respect to the shear velocities at 4 and 9 s
top panels) and 20, 30, 42 and 44 s periods (bottom panels). All
ayers of the final 1-D model were divided into 1 km layers. 

Figure S4. Checkerboard resolution test for the group velocity of
ov e wav es. (a) Input model with dimensions of 0.26 ◦ × 0.26 ◦ for
, 6 and 7 s period and a velocity perturbation of 0.8 per cent. The
ecovery of the inversions is shown in the right where the reference
elocity is taken by averaging the velocity observations of each
eriod using the available paths. (b) Checkerboard for blocks size
f 0.2 ◦ × 0.2 ◦. 

Figure S5. Trade-off curves between data variance and model
oughness used to estimate the optimal damping and smoothing
arameters. The damping factor prevents the solution model from
traying too far from the initial model, while the smoothing factor
onstrains the smoothness of the solution model. (a) Variation of
he smoothing parameter for a fixed damping parameter with ε =
 for the 2-D inversion of group velocities of Love waves at 6 s
eriod. The value of η = 20 is chosen as preferred. (b) Variation of
he damping parameter fixing the smoothing at η = 20. ε = 10 were
hosen as the optimum value. (c) Evolution of data variance with
teration using the damping and smoothing parameters selected in
a) and (b). The inversion converges after four iterations. 

Figure S6. 2-D Lov e wav e group v elocity maps at increasing
eriods from 4 to 8.5 s. We used the FMST method to compute the
roup velocity maps. The figure is plotted as relativ e v elocity with
espect to the average of the velocity map. 

Figure S7. Vertical resolution of the 3-D shear wave velocity
odel, in terms of the resolution matrix diagonal element (RDE)

alues. The best resolution is obtained until 6 km depth. 
Figure S8. Comparison of the 1-D final shear wave velocity

odel obtained in this work (black line) with other regional models,
amely Hannemann et al. (2016 , red line) and Batista et al. ( 2017 ,
reen line), one deep profile of 70 Ma Pacific lithosphere by Lin
t al. (2016 , purple line) and a general oceanic model from White
t al. (1992 , blue line). 
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